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Aim of this talk: 
Discuss some specific examples, from 
observations or process models, showing the 
importance of scale interactions :

• Bathymetry, front and sea ice in the 
Barents Sea

• Bathymetry, eddies, and the 
dynamics of the Beaufort Gyre

• Interplay between mesoscale and 
sea ice

Motivating questions

• How does bathymetry influence the ocean circulation (at all depths, at large and 
small scales) and sea ice ? 

• How does the mesoscale ocean dynamics interact with the large scale ocean 
circulation and sea ice?

• What are we potentially missing by not representing the mesoscale dynamics and 
scale interactions in state-of-the-art models ? 

Snapshot (18/08/2000) of SSS from a 4 km 
resolution simulation (NEMO-LIM3)
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Schematic	of	the	polar	front

Important features in the Barents Sea:
> formation of ‘Barents SeaWater’ through exchange with the atmosphere.

> BSW contributes to AMOC (eventually)

> largest loss of winter sea ice since 1850 (Onarheim & Arthun 2017)

> Seasonal forecast relatively easy (Sigmond et al. 2016) 

Bathymetry, front and sea ice



Winter
(DJF)

Summer
(JJA)

Winter
(DJF)

Summer
(JJA)

Mean 2005-2017
+ sea ice edge

Bathymetry, front and sea ice

Detection of the Polar front from SST observations (HR OSTIA dataset – Donlon et al. 2012)



Mean	2005-2017
+	sea	ice	edge

Bathymetry, front and sea ice

Position of the 
sea ice edge



Regime shift in 2005! 
> Intensification of the SST gradient

> winter sea ice expansion limited by the PF
Mean	2005-2017

+	sea	ice	edge

Bathymetry, front and sea ice

Position of the PF

AW T at the 
Kola section



• The Polar Front is fixed to the ~220m isobath

> shelf slope current constrained by potential vorticity

• Intensification of the PF contrains the winter extention of sea ice, with potential
implications for the BSW (warmer saltier and denser) 
… and for sea ice seasonal and (multi-) decadal projections ?

Bathymetry, front and sea ice



Bathymetry, front and sea ice

Li et al. 2017

March SIC trend 
over 1979–2015.

March extent in 
the Barents Sea.

Winter sea ice retreat in the Barents Sea from CMIP5 models:



Main features of the Beaufort Gyre:
> Large reservoir of FW, large signature in SSH constrained	by	the	slope	on	its	southern	
side
> Potentially controls FW export to the N. Atlantic, with effect on SSS downstream, and 

potentially deep convection and AMOC (Jahn & Holland 2013)
FW	content	(ref	34.8	psu)	

WOA	climatology
Mean	SSH	(2003-2014)
Armitage	et	al.	2017

Bathymetry, gyre and eddy



Functionning of the Beaufort Gyre:
> The leading order balance has been determined from theory and simple process models

> Main balance between Ekman convergence and eddy-induced volume flux:

Bathymetry, gyre and eddy

Davis et al. 2014, Manucharyan & Spall 2016, Meneghello et al. 2018

hhaloTeddies Teddies

TEkman TEkman

Scale analysis suggests 
adjustment timescale due 

to eddies is  

~	10	years

Ekman (from wind 
and ice, modulated by 

surface current)

Eddies 

⌧ ⇠ rA

�
⇠ r2


Imply a memory of the 
forcing over 10 years!

1979), but including this effect has only recently gained widespread acceptance in observational51

studies (Dewey et al. 2018; Kwok and Morison 2017; Zhong et al. 2018).52

The Ice-Ocean Governor does not require mesoscale eddies to equilibrate the Beaufort Gyre.53

However, mesoscale eddies are a long-lived and ubiquitous feature of the Arctic Ocean (Dmitrenko54

et al. 2008; Hunkins 1974; Manley and Hunkins 1985; Meneghello et al. 2017; Timmermans et al.55

2008; Zhao et al. 2014, 2016). It is therefore worth extending the theory of the Ice-Ocean Governor56

presented by [GRL PAPER] to include the effect of eddy diffusivity, and to determine what effect57

this diffusion of thickness will have on the equilibrium state.58

In the following section we derive an equation for halocline depth anomaly across the Beaufort59

Gyre that includes both mesoscale eddies and the Ice-Ocean Governor. We then present analytical60

solutions for the equilibria and the temporal evolution of this equation. In section 3 we present61

solutions from idealized numerical simulations and compare these with the analytical solutions62

obtained previously. In section 4 we present an analysis of a more complex model of the Arctic63

circulation and show that the simulations agree extremely well with our analytical solutions. We64

then present our conclusions in section 5.65

2. Governing equation66

If we consider an idealization of the Beaufort Gyre, then we can construct an analytical equation67

for the depth of an isohaline just below the fresh surface layer, hhalo. The temporal evolution of68

hhalo is governed by69

∂hhalo

∂ t
= —⇥ t

r f
�k—2hhalo, (1)

where t represents the surface stress and can be decomposed into ice-driven and wind-driven com-70

ponents (Meneghello et al. 2018), r is the background oceanic density, f is the Coriolis parameter,71

4



Lique et al. 2015, Lique & Johnson 2015  

Ocean&surface&
stress&

Channel&
inflow&&

Set up
• MITgcm in a circular basin
• …with a sloping boundary
• Forced by an annular surface stress, 

and an AW inflow

Bathymetry, gyre and AW boundary current

Caveats of the process models : no bathymetry, constant and symmetrical forcing, 
the Arctic is not just a fresh surface layer… 



4. Time-averaged circulation in response to forcing

From the analysis of a subset of the AOMIP models,
Karcher et al. (2007) show that the intensity of the AW
layer circulation in the Canadian basin is mostly set by
the intensity of the vertical flux of potential vorticity
(PV), which is related to the local wind stress over that
region. This suggests that the intensity of the circula-
tion in one layer (surface or AW) could be modulated
by the intensity of the forcing usually associated with
the other layer. To investigate this link between the two
layers, we perform a series of 12 sensitivity experiments
in which we vary the intensity of the ocean surface
stress curl (by changing A) and/or the inflow through
the channel (by changing the temperature and zonal
velocity forcing profiles in the forcing region). In this
section, we examine the quasi-steady state of the 12
simulations after 10 years of constant forcing. All the
results presented in the following are annual averages for
the last year of the simulations.
Figure 6 shows the results of the experiments in terms

of the intensity of the circulation in each layer versus the
intensity of the forcing. The SSH in the center of our
basin is considered a proxy for the intensity of the cir-
culation in the surface layer, while the intensity of the
circulation in the AW layer in the basin is approximated
by the northward transport through the eastern part of
the section indicated in Fig. 1. For a given inflow through
the channel, the SSH at the center of the basin almost
follows a linear relationship when plotted against the

intensity of the ocean surface stress A. The same is true
when we examine the freshwater content in our circular
basin or any measure of the surface gyre intensity. This
result is in agreement with the previous studies of
Proshutinsky et al. (2002, 2009) and Davis et al. (2014),
who found a linear relationship between the wind stress
curl over the gyre and the freshwater content in the re-
gion. For the channel inflow imposed in the control run
(7 Sv, circle symbols), the linear fit between the SSH and
the maximum ocean surface stress A has a coefficient of
25m3N21. In our model, a change of the channel inflow
intensity has only a small influence on the intensity of
the surface gyre. When the maximum surface stress is
kept constant at 0.02Nm22, the maximum SSH only
varies between 0.55 and 0.7m when the channel inflow
varies from 0 to 15Sv (blue symbols).
Similarly, the intensity of the AW current in the basin

increases almost linearly with the intensity of the chan-
nel inflow for a given surface stress forcing. For the
surface stress applied in the control run (0.02Nm22),
the linear relationship between the two transports has a
coefficient of 0.23 (blue symbols). However, unlike the
circulation in the surface layer, the intensity of the cir-
culation in the AW layer is very sensitive to the intensity
of the circulation in the other layer. For a fixed inflow of
;7 Sv as in the control run, the intensity of the AW
current varies from 1.5 to 7.5 Sv when the surface stress
decreases from 0.04Nm22 to zero (circle symbols).
Figure 7 shows the normal velocities along a section

crossing the basin, as well as the isohalines 33, 34, and

FIG. 5. As in Fig. 4, but for the sensitivity to the slope. The value of the slope is indicated in the title of each panel.
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Max	SSH	=	58	cm
AW=	2	Sv

Max	SSH	=	68	cm
AW=	1	Sv

Max	SSH	=	44	cm
AW=	4.1	Sv

Lique et al. 2015, Lique & Johnson 2015  

Bathymetry, gyre and AW boundary current

Under similar forcing, a change of slope modifies the intensity of the circulation in 
both the intermediate and the surface layers!



Regan, Lique and Armitage (in rev. JGR)
Dataset: Armitage et al. 2016, 2017  

Bathymetry & gyre

Variability of the Beaufort Gyre:
> Satellite observations of SSH in the ice-covered Arctic allow a description of the gyre

> large seasonal, interannual variability + trend!

> … the gyre interacts more or less with bathymetry …



Regan,	Lique and	Armitage	(in	review	for	JGR)

2003                                  2004                                 2005

2006                                  2007                                 2008

2009                                  2010                                 2011

2012                                  2013                                 2014

SLP		- max:
Max	SSH:		

Bathymetry & gyre

Variability of the Beaufort Gyre:

>  the position, size and intensity of the gyre

are determined by the forcing (partly

independetly)

> Depends on both the intensity and the 

position of the atmospheric forcing 

(Beaufort Sea Height)

+ memory of the forcing over a decade

or more (Johnson et al. 2018)



Regan,	Lique and	Armitage	(in	review	for	JGR)

Gradient of SSH 
[x 106 m.m-1]

Variability of the Beaufort 
Gyre:

>  the position, size and intensity of 

the gyre are determined by the forcing 

(partly independetly)

> Depends on both the intensity and 

the position of the atmospheric forcing 

(Beaufort Sea Height)

> SSH gradient gets steeper (i.e the 

gyre spins up) when the gyre

encounters the slope/shelf… and the 

gyre eventually breaches over

Bathymetry & gyre



Beaufort Gyre and FW content in CMIP5 models:

Bathymetry, gyre and eddy
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‘Anticyclonic eddies are 
commonly observed offshore 
of the shelfbreak jet and in 
the Canada Basin within the 
Beaufort gyre. ‘

Spall et al. 2008 
Geophysical Research Letters 10.1002/2016GL069671

Figure 2. (a) Eddy locations and types sampled between 2005 and 2015 from all ITPs. (b) Number of eddies per 106 km of ITP drift track in each 100 km×100 km
cell. (c) Time series of the number of anticyclonic eddies per 1000 km (bars) and total cumulative (along track) distance (red line) sampled from 2005 to 2015.
Green numbers indicate the average distance (km) between adjacent ITP profiles (i.e., average horizontal resolution). Colored bars include all types of
anticyclonic eddies. Grey bars include only halocline anticyclonic eddies detected based on temperature and salinity fields and not velocity. (d) Time series of
the number of upper halocline eddies (blue, core salinity <32) and the number of lower halocline eddies (red, core salinity >32) per 1000 km. The lines include
all halocline anticyclonic eddies identified only from temperature and salinity measurements, and the bars include only eddies larger than 10 km in diameter.

ZHAO ET AL. EDDY FIELD IN CANADA BASIN 8110

Bathymetry, gyre and eddy

> Interaction of the gyre with bathymetry promotes the generation of eddies ? 

In each of the above configurations the current is
characterized by strong mesoscale variability. Some of
this is wind driven [especially in fall and winter result-
ing from frequent storms; see Pickart and Moore (2008,
manuscript submitted to J. Geophys. Res., hereafter
PM)], but some appears to stem from internal instabili-
ties of the current. Using a collection of historical hy-
drographic sections, Pickart (2004) argued that the
Beaufort shelfbreak jet should be baroclinically un-
stable. The observed pattern of temperature variance is
maximum at the offshore edge of the boundary current
at the depth of the upper halocline, consistent with
baroclinic instability. Furthermore, synoptic sections
from SBI have captured eddies being spawned from the
current along the Chukchi shelf edge (Pickart et al.
2005; Mathis et al. 2007). These observations demon-
strate that 1) eddies can be formed from the boundary
current over the steep shelfbreak topography away
from Herald and Barrow Canyons, 2) the spatial scales
of the boundary current and eddies is O(10 km), and 3)
there is a seasonal cycle associated with the type of
eddy that is formed from the boundary current.

In this study we use data from the SBI mooring array
deployed across the Beaufort shelfbreak jet, observa-
tions of interior eddies from drifting platforms, and an
idealized numerical model of the shelfbreak jet to in-
vestigate the mechanisms of eddy formation in the
western Arctic. We focus on the spring time period,
when the current is advecting the coldest Chukchi/
Bering winter water, and we consider the “free jet” case

when there is no wind forcing (in both the observations
and the model). The characteristics and dynamics of
this configuration of the boundary current are pre-
sented first using the SBI data. This is followed by the
model investigation, which focuses on the dynamics of
eddy formation and the associated flux of mass and
properties into the interior. Aspects of the model
boundary current, and the structure of the eddies that it
forms, are compared with the mooring data and with
the interior ice station data.

2. Free-jet configuration of the Beaufort
shelfbreak current

a. Mooring data calibration and processing

From August 2002 to September 2004 a high-
resolution mooring array was maintained across the
Beaufort shelf break and slope as part of the SBI pro-
gram. The array was situated near 152°W, approxi-
mately 150 km east of Barrow Canyon (Fig. 1). It con-
sisted of conductivity–temperature–depth (CTD) pro-
filers to measure the hydrography, and acoustic
Doppler current profilers (ADCPs) and acoustic cur-
rent meters to measure velocity. Moorings BS2–BS6
(Fig. 2) were spaced 3–5 km apart on the upper part of
the slope that sampled the Pacific component of the
boundary current. The offshore moorings (BS7–BS8)
were generally outside of the boundary current (with
near-zero or westward mean flow; see NIK). Because
the CTD profilers on these two moorings sampled only

FIG. 1. Map of the region of interest and schematic circulation. A shelfbreak jet exists along the edge
of the Chukchi and Beaufort Seas. In the Beaufort Sea it is fed by the Alaskan Coastal Current flowing
through the Barrow Canyon, and in the Chukchi Sea it is presumably fed by the outflow from Herald
Canyon. Anticyclonic eddies are commonly observed offshore of the shelfbreak jet and in the Canada
Basin within the Beaufort gyre. The mooring locations of the SBI array are indicated.
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‘The highest concentration of eddies was found 
[…] close to topographic margins and 
boundaries of the Beaufort Gyre. The number of 
eddies approximately doubled from 2005–2012 
to 2013–2014 […] suggesting more active 
baroclinic instability of the Beaufort Gyre.‘

Zhao et al. 2016 

Nb of eddies per 106 km of ITP track
2005-2015



FIG. 7. North–south section of (a) potential temperature and (b) salinity from the SCICEX
October 2000 expedition [the section track is shown in Fig. 8, and the red markers in (a)
indicate XCTD profile locations]. Lines of constant potential density (referenced to the
surface) are also shown. The hatched region indicates water defined by a !–S range of the
observed eddy core properties.

142 J O U R N A L O F P H Y S I C A L O C E A N O G R A P H Y VOLUME 38

Fig 7 live 4/C

Timmermans et al. 2008, Manucharyan & Timmermans et al. 2013

Beaufort Gyre, surface front and eddy generation

> The northern limit of the Beaufort Gyre corresponds to a surface salinity front
> where eddies (dipoles) grow out of instabilities in two layers

Beaufort 
Gyre

Transpolar 
drift

Salinity along SCICEX 2000

Carton (2001), and references therein], here we develop
a specific formalism that allows us to interpret and an-
alyze modeled frontal instabilities in the context of di-
pole trajectories.

a. Kinematics

To calculate dipole trajectories, consider the constant
translation velocities of each vortex in the dipoleUi (for
i 5 1, 2), defined positively for a cyclone–anticyclone
pair as in Fig. 7. The propagation velocities are directed
perpendicular to the line connecting the centers of the
vortices and thus the separation distance between the
vortices D does not change in time. The kinematic equa-
tions describing the time evolution of center positions
ri 5 (xi, yi) of the vortices are as follows:

_r15
U1

D
k3 (r22 r1) and (7)

_r25
U2

D
k3 (r22 r1) . (8)

Combining these equations yields an oscillator equation
for the separation distance between vortices

(r2 2 r1)
::

1v2(r22 r1)5 0, (9)

where frequency v 5 (U2 2 U1)/D. Thus, in a reference
frame moving with one vortex the other vortex rotates
around it and vice versa; in the special case of balanced
vortices (i.e.,U15U2) they move parallel to each other.
It is useful to define the coordinate of a self-propagating

dipole (the same sign for U1 and U2) as

rc 5
U2r11U1r2
U11U2

, (10)

where rc lies between the two eddies and is an analog
of the center of vorticity for two-dimensional point di-
poles. Its derivative with respect to time defines a dipole

translation speed Ud 5 2U1U2/(U1 1 U2). Obtaining
a solution for r1,2 for an example dipole with a cyclone
and anticyclone initially at (0, 0) and (D, 0), respectively,
we find that the dipole center propagates on a circular
path with coordinates

rc 2 r0c 5 2D
U1U2

U2
2 2U2

1

!
2cos vt

2sin vt

"
, (11)

where r0c is the center of a circle (Fig. 7). Therefore, the
radius of a dipole trajectory R depends critically on the
ratio of vortex propagation velocities !:

R5
2D####!2

1

!

####
and !5

U2

U1

. (12)

The derivation is not only valid forU1 andU2 constant
in time, but also for cases where their ratio ! is constant
in time, because the time dependency can be incor-
porated into a rescaled time variable. In this case, the
dipole would move along a circular trajectory with a
time-dependent velocity. This proves to be a useful re-
sult as we observe that the dipole vortices decay in time
(because of diffusion and entrainment) at a similar rate
such that ! remains relatively constant.
The radius of the trajectory varies strongly in the re-

gion of ! ’ 1 where the dipole trajectory is essentially
a straight line in our finite domain (e.g., Fig. 3, bottom
right). However, for values of ! . 1.6 (or ! , 0.6) the
radius becomes less than twice the separation distance
D. In this case, the dipole has a strongly curved trajec-
tory, and takes little time to propagate back to its orig-
inating front and be engulfed. The circular trajectories
of dipoles are clearly observed in our numerical simu-
lations, and these paths lead to the majority of initially
detached dipoles being reabsorbed by the front. Thus,
the value of ! poses a strong constraint on the probability
for dipole escape far from the front (i.e., R! D).

FIG. 6. Schematic of dipole formation indicating the water mass
origins of the cyclone and anticyclone.

FIG. 7. Schematic indicating the parameters of the dipole. Symbols
shown are as defined and used in the text.
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opposed to the geostrophic current and inhibited by a
surface stress aligned with the geostrophic current. The
second hypothesis is that the Ekman transport can lead
to the breakup of dipoles by advecting the surface
cyclonic component away from the subsurface anticy-
clonic component. Section 2 describes the experimen-
tal setup, and section 3 describes dipole formation and
subsequent breakup for simulations carried out with a
constant surface stress. This mechanism for dipole
breakup is explored further in section 4 with a hierar-
chy of models. A summary and discussion follow in
section 5.

2. Experimental setup

a. Overview

The domain used for all experiments is a doubly pe-
riodic box with a meridional length of 384 km, a zonal
length of 64 km, and a depth of 90m (Fig. 2). As for
Manucharyan and Timmermans (2013), the initial con-
ditions are motivated by observations of a near-surface
front in the Arctic near 808N (Timmermans et al. 2008).
There is a region of fresher, lighter fluid in the center of
the domain that overlies and is bounded on the northern
and southern sides by saltier, denser fluid. This setup
gives rise to two fronts with geostrophic flow in opposite
directions (Fig. 2). As is typical for such idealized sim-
ulations (e.g., Fox-Kemper et al. 2008), it is assumed that
the fronts were created by the straining action of a
larger-scale flow field that is not captured in these ex-
periments. This model setup is similar to that used
by Thomas (2008), though modified to reflect an ideal-
ized Arctic configuration where the Coriolis parameter
f5 1.43 1024 s21 rather than a midlatitude open-ocean
configuration.
The mixed layer deformation radius RML ’

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
dbHML

p
/

f ’ 4km, where db is the buoyancy contrast across the
front andHML is the mixed layer depth. The mixed layer
depth is taken to be the shallowest depth where the sa-
linity is 0.4 psu greater than at the surface. Given this
small deformation radius relative to the 180-km spacing
between the two fronts, the experiment setup should be
thought of as two independent fronts rather than as a
system of two coupled fronts. The zonal length of the
domain is set to be long enough for multiple baroclinic
waves to develop. The depth of the domain is chosen to
allow the presence of a surface front without strong
bottom friction effects. As the domain is doubly
periodic, a uniform surface stress can be applied without
requiring tapering of the surface stress at the domain
boundaries. This is an advantage as such tapering gives
rise to spurious Ekman pumping. The overall numerical

setup is set out below before the particular parameters
for each experiment are given in section 2e.

b. Numerical configuration

The simulations are carried out using the MITgcm in
hydrostatic mode (Marshall et al. 1997). A comparison is
made of results with model horizontal grid resolutions of
1, 0.5, and 0.25km. The grid spacing for all runs in the
vertical is 0.5m in the upper 25m and increases gradually
to 1.5m toward the base of the domain. The model time
step is 25 s at 0.25-km grid spacing, and the time step scales
in a 1:1 ratio with changes in the horizontal grid spacing.
The code used to generate the model inputs is made
available online as described in the acknowledgments.
The model is run with the vector invariant form of

the momentum equation. Biharmonic operators are
used in the horizontal for both viscosity and diffusivity,
as these target dissipation at the shortest scales
(Griffies and Hallberg 2000; Graham and Ringler
2013). While a constant horizontal diffusivity co-
efficient of 103m4 s21 is used for salinity, the horizon-
tal viscosity is set using a Smagorinsky scheme
(Smagorinsky 1963) with a coefficient of 1 to allow
submesoscale features to develop (Ilicak et al. 2012;
Graham and Ringler 2013; Ramachandran et al. 2013).
Laplacian operators are used in the vertical with vis-
cous and diffusive parameters of 1025m2 s21.
A seventh-order monotonicity-preserving tracer ad-

vection scheme (Daru and Tenaud 2004) is used to
maintain submesoscale structures. The K profile param-
eterization (KPP) scheme (Large et al. 1994) is used to
parameterize surface boundary layer turbulence. This
scheme captures the dynamics of a shear-driven boundary

FIG. 2. The model domain and initial condition. The colors show the
initial salinity distribution while the contour lines show the initial zonal
velocity. The arrow shows the direction of the surface stress vector for
the Base experiments. The contour interval is 0.02ms21 with solid
contours for positive values and dashed contours for negative values.

NOVEMBER 2017 BRANN IGAN ET AL . 2655

Beaufort Gyre, surface front and eddy generation

Brannigan et al. 2017 JPO 

Set up
• MITgcm
• ∆𝑥=500m, ∆𝑧=0.5m 
• Initialized with a salinity 

front over 30m

> The northern limit of the Beaufort Gyre corresponds to a surface salinity front
> where eddies (dipoles) grow out of instabilities in two layers

> Eddy detachment depends on orientation of surface stress relative to front
Relative	vorticity	

@	surface
Relative	vorticity	

@	34m



• The presence of surface salinity fronts (like the one on the northern limit of the 
Beaufort Gyre) is promoting the generation of mesoscale eddies

• Anticyclones are more likely to survive… Consistent with eddy census from ITPs
(Zhao et al. 2014, 2016)

• Eddies further interact with sea ice: 
> sea ice exert friction on eddy (Ou & Gordon 1986)
> eddy tends to increase sea ice melt (Manucharyan & Thompson 2017, 
Horvat et al. 2016).

Manucharyan & Thompson 2017

Sea	ice	and	mixed	
layer	vorticity

Red	>	0		
Blue	<	0

anomalies. Manucharyan and Timmermans (2013) discuss how the kinematic trajectories of these dipoles
are curved due to an asymmetry in the strength of PV anomalies (surface cyclones are typically much stron-
ger than the anticyclones). The relatively small radius of their semicircular trajectories is a major limiting fac-
tor for the cross-frontal dispersion of PV and other tracers, including the sea ice itself.

After about 10 days, the submesoscale eddies are fully energized, and the MIZ evolves into a fully nonlinear
phase, where eddy interactions result in a cascade to larger scales with eddy size increasing from several to
tens of kilometers (Figure 3). After the spin up, the width of the baroclinic zone becomes more consistent
with the in situ observations in the Beaufort Gyre that typically show lateral gradients extending over

Figure 3. The evolution of MIZ instabilities as simulated by the model for the control run described in section 2.3 and
shown in Figure 2. Surface distribution of the effective sea thickness (i.e., thickness times concentration) is plotted in gray
scale; black area denotes the ice-free ocean. Contours show mixed layer ocean vorticity of magnitude 0:2 f ; red for
cyclonic and blue for anticyclonic correspondingly. Figures 3a–3d correspond to model snapshots taken at days 4, 7, 9,
and 11. Green-dashed line in plot (c) denotes the location of a transect that is plotted in Figure 4.
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Fb5St!qcpðTs2Tf Þu!; (9)

where cp 5 4180 J kg21 8C21 is the heat capacity of water, q 5 1025 kg m23 is density, St! is the bulk heat
transfer coefficient (referred to as a Stanton number), and u! is a frictional velocity (see a discussion in Tho-
mas, 2016, chapter 5). In this parameterization, u! is the least constrained parameter because it depends on
the energetics of mixed-layer turbulence that is not represented in our idealized model. Observations of the
Arctic sea ice suggest that St! $ 631023 and u! takes a range of values 0.001–0.02 m s21 (McPhee, 2008;
McPhee et al., 2003). Since the focus of this study is to emphasize the role of submesoscale motions in redis-
tributing the heat, we assume fixed values of St!5631023 and u!50:005 m s21 (appropriate for MIZ condi-
tions, Gallaher et al., 2016; McPhee, 1992) and infer the corresponding ocean-sea ice heat fluxes from
equation (9). Since we keep the frictional velocity fixed, the ocean-sea ice heat fluxes can only change if the
underlying surface ocean temperatures change. Because we do not model the thermodynamic sea ice melt,
the diagnosed heat fluxes should be considered an upper bound since the stratification created by the
meltwater can suppress the vertical heating.

The spatial distribution of the instantaneous ocean-ice heat flux within the MIZ highlights its dramatic
enhancement over cyclonic eddies and filaments (Figure 9). The strong downwelling at the core of the
cyclones converges warm ice-free surface waters laterally underneath the sea ice and results in modeled
heat fluxes of up to %100 W m22. Zonally-averaged ocean heat fluxes within the MIZ are of the order of 10
W m22, substantially weaker because of the relatively small fractional area occupied by cyclonic eddies.
MIZs with sea ice located over the fresher mixed layer exhibit more cyclonic filaments with enhanced heat-
ing of sea ice (compare the two plots in Figure 9). The lack of thermodynamic sea ice melt and of the associ-
ated mixed layer restratification allows these large ocean heat fluxes to persist. A 100 W m22 heat flux can
melt 2 m of sea ice in about a week, a time scale comparable to the development of submesoscale instabil-
ities. This implies that intermittent submesoscale heating and the advection of sea ice into the open ocean
may affect the seasonal MIZ evolution. However, quantifying the cumulative eddy effects at such long-time

Figure 9. Distribution of the ocean-sea ice heat fluxes (9) at model day 11 for the two MIZ configurations shown in Figure
2. (a) The control simulation with the sea ice located over the saltier mixed layer (Figures 2c and 2d; corresponding snap-
shot of the sea ice distribution shown in Figure 3d). (b) The MIZ with the sea ice over the fresher mixed layer (Figures 2a
and 2b). The green curves correspond to near-freezing temperatures; the white regions at the open ocean side are ice
free (effective thickness less than 0.05 m).
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Surface front, eddy generation and sea ice



Johannessen et al. 1987, Manucharyan & Thompson 2017

Eddy and sea ice

Imprint of (sub-)mesoscale dynamics on sea ice: examples in the MIZ



Lique & Rampal, in prep.

T/S profiles from ITP#3
Sea ice concentration from CERSAT

Eddy and sea ice

Imprint of mesoscale dynamics on sea ice: in the ice pack



Shear associated with eddy too 
small to break the sea ice cover 
(3m thick!) 
… but likely large enough to re-
open a pre-existing lead

Eddy and sea ice

Lique & Rampal, in prep., RGPS data from JPL (Kwok 2001)

Imprint of mesoscale dynamics on sea ice: in the ice pack, through dynamical processes



• LKFs are present everywhere in the sea ice pack (due to wind or eddies?)
• promotes the generation of eddies? (through their signature onto SSS)

Eddy and sea ice

Bouillon & Rampal, 2015
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Some examples of scale interactions (arguably badly/not represented in state-of-the-art 
models…):  
• Bathymetry does influence the large scale circulation,

… including the surface layer… and sea ice! 
> In the Barents Sea, the PF is fixed to the 220m isobath and limits the winter expansion 
of sea ice 
> The variations of size and shape of the Beaufort Gyre are strongly constrained by the 
bathymetry

• Eddy can arise from instability of the large scale circulation or ML instabilities
> through the interaction of the Beaufort Gyre with the shelves, 
> … or at surface front
> Ability to survive might depend on the surface forcing (wind and sea ice)
Running a model at eddy resolving resolution does not mean that you 
actually fully capture the mesoscale activity!!

• There is some interplay between mesoscale dynamics and sea ice 
> Surface fronts might themselves be the signature of sea ice dynamics 
> Eddies are imprinting their signatures on sea ice, through dynamical and 
thermodynamical processes

Some conclusions…


